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Abstract Earth’s climate, mantle, and core interact over geologic time scales. Climate influences whether plate
tectonics can take place on a planet, with cool climates being favorable for plate tectonics because they enhance
stresses in the lithosphere, suppress plate boundary annealing, and promote hydration and weakening of the
lithosphere. Plate tectonics plays a vital role in the long-term carbon cycle, which helps to maintain a temperate
climate. Plate tectonics provides long-term cooling of the core, which is vital for generating a magnetic field, and
the magnetic field is capable of shielding atmospheric volatiles from the solar wind. Coupling between climate,
mantle, and core can potentially explain the divergent evolution of Earth and Venus. As Venus lies too close to the
sun for liquid water to exist, there is no long-term carbon cycle and thus an extremely hot climate. Therefore, plate
tectonics cannot operate and a long-lived core dynamo cannot be sustained due to insufficient core cooling. On
planets within the habitable zone where liquid water is possible, a wide range of evolutionary scenarios can take
place depending on initial atmospheric composition, bulk volatile content, or the timing of when plate tectonics
initiates, among other factors. Many of these evolutionary trajectories would render the planet uninhabitable.
However, there is still significant uncertainty over the nature of the coupling between climate, mantle, and core.
Future work is needed to constrain potential evolutionary scenarios and the likelihood of an Earth-like evolution.

1. Introduction

1.1. Overview
Recent discoveries have revealed that rocky exoplanets are relatively common [Batalha, 2014]. As a conse-
quence, determining the factors necessary for a rocky planet to support life, especially life that may be
remotely observable, has become an increasingly important topic. A major requirement, that has been exten-
sively studied, is that solar luminosity must be neither too high nor too low for liquid water to be stable on a
planet’s surface; this requirement leads to the concept of the ‘‘habitable zone,’’ the range of orbital distances
where liquid water is possible [Hart, 1978, 1979; Kasting et al., 1993b; Franck et al., 2000; Kopparapu et al.,
2014]. Inward of the habitable zone’s inner edge, the critical solar flux that triggers a runaway greenhouse
effect is exceeded. The critical flux is typically estimated at � 300 W m22, with variations of �102100 W m22

possible due to atmospheric composition, planet size, or surface water inventory [Ingersoll, 1969; Kasting,
1988; Nakajima et al., 1992; Abe et al., 2011; Goldblatt et al., 2013]. In a runaway greenhouse state, liquid water
cannot condense out of the atmosphere, so any water present would exist as steam. Furthermore, a runaway
greenhouse is thought to cause rapid water loss to space, and can thus leave a planet desiccated [Kasting,
1988; Hamano et al., 2013; Wordsworth and Pierrehumbert, 2013]. Beyond the outer edge, insolation levels are
so low that no amount of CO2 can keep surface temperatures above freezing [Kasting et al., 1993b].

However, lying within the habitable zone does not guarantee that surface conditions will be suitable for life.
Variations in atmospheric CO2 content can lead to cold climates where a planet is globally glaciated, or hot
climates where surface temperatures are higher than any known life can tolerate (i.e., above � 400 K [Takai
et al., 2008]). A hot CO2 greenhouse can also cause rapid water loss to space [Kasting, 1988] (though Words-
worth and Pierrehumbert [2013] argues against this), or even a steam atmosphere if surface temperatures
exceed water’s critical temperature of 647 K. Moreover, the solar wind can strip the atmosphere of water
and expose the surface to harmful radiation, unless a magnetic field is present to shield the planet [e.g.,
Kasting and Catling, 2003; Griessmeier et al., 2009; Brain et al., 2014].

Atmospheric CO2 concentrations are regulated by the long-term carbon cycle on Earth, such that surface
temperatures have remained temperate throughout geologic time [e.g., Walker et al., 1981; Berner, 2004].
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The long-term carbon cycle is facili-
tated by plate tectonics [e.g., Kasting
and Catling, 2003]. Furthermore, the
magnetic field is maintained by con-
vection in Earth’s liquid iron outer core
(i.e., the geodynamo). As a result, inte-
rior processes, namely the operation of
plate tectonics and the geodynamo,
are vital for habitability. However,
whether plate tectonics or a strong
magnetic field is likely on rocky plan-
ets, especially those in the habitable
zone where liquid water is possible, is
unclear. The four rocky planets of our
solar system have taken dramatically
different evolutionary paths, with only
Earth developing into a habitable
planet possessing liquid water oceans,
plate tectonics, and a strong, internally

generated magnetic field. In particular, the contrast between Earth and Venus, which is approximately the
same size as Earth and has a similar composition yet lacks plate tectonics, a magnetic field, and a temperate
climate, is striking.

In this review, we synthesize recent work to highlight that plate tectonics, climate, and the geodynamo are
coupled, and that this ‘‘whole planet coupling’’ between surface and interior places new constraints on
whether plate tectonics, temperate climates, and magnetic fields can develop on a rocky planet. We
hypothesize that whole planet coupling can potentially explain the Earth-Venus dichotomy, as it allows two
otherwise similar planets to undergo drastically different evolutions, due solely to one lying inward of the
habitable zone’s inner edge and the other within the habitable zone. We also hypothesize that whole planet
coupling can lead to a number of different evolutionary scenarios for habitable zone planets, many of which
would be detrimental for life, based on initial atmospheric composition, planetary volatile content, and
other factors. We primarily focus on habitable zone planets, as these are most interesting in terms of astro-
biology, and because the full series of surface-interior interactions we describe involves the long-term car-
bon cycle, which requires liquid water. Each process, the generation of plate tectonics from mantle
convection, climate regulation due to the long-term carbon cycle, and dynamo action in the core, is still
incompletely understood and the couplings between these processes are even more uncertain. As a result,
significant future work will be needed to place more quantitative constraints on the evolutionary scenarios
discussed in this review.

1.2. Whole Planet Coupling
Several basic concepts illustrate the coupling between the surface and interior (Figure 1). (1) Climate influ-
ences whether plate tectonics can take place on a planet. (2) Plate tectonics plays a vital role in the long-
term carbon cycle, which helps to maintain a temperate climate. (3) Plate tectonics affects the generation of
the magnetic field via core cooling. (4) The magnetic field is capable of shielding the atmosphere from the
solar wind. Cool climates are favorable for plate tectonics because they facilitate the formation of weak
lithospheric shear zones, which are necessary for plate tectonics to operate. Low surface temperatures sup-
press rock annealing, increase the negative buoyancy of the lithosphere, and allow for deep cracking and
subsequent water ingestion into the lithosphere, all of which promote the formation of weak shear zones.
When liquid water is present on a planet’s surface, silicate weathering, the primary sink of atmospheric CO2

and thus a key component of the long-term carbon cycle, is active. However, silicate weathering also
requires a sufficient supply of fresh, weatherable rock at the surface, which plate tectonics helps to provide
via orogeny and uplift. As a result, the coupling between plate tectonics and climate can behave as a nega-
tive feedback mechanism in some cases, where a cool climate promotes the operation of plate tectonics,
and plate tectonics enhances silicate weathering such that the carbon cycle can sustain cool climate
conditions.

Figure 1. Flowchart representing the concept of whole planet coupling. Climate
influences tectonics through the role of surface temperature in a planet’s tectonic
regime (i.e., stagnant lid versus plate tectonics), while the tectonic regime in turn
affects climate through volatile cycling between the surface and interior. The tec-
tonic regime also influences whether a magnetic field can be generated by dictat-
ing the core cooling rate. Finally, the strength of the magnetic field influences
atmospheric escape, and therefore long-term climate evolution.
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An additional coupling comes into play via the core dynamo and the magnetic field. The magnetic field is
generated by either thermal or chemical convection in the liquid iron core. Thermal convection requires a
superadiabatic heat flux out of the core, which is controlled in part by the style of mantle convection, while
chemical convection is driven by light element release during inner core nucleation, which also relies on cool-
ing of the core. Plate tectonics cools the mantle efficiently by continuously subducting cold slabs into the
deep interior, thus maintaining a high heat flow out of the core. The magnetic field can in turn limit atmos-
pheric escape, helping retain liquid surface water. The coupling between plate tectonics and the core
dynamo, and the magnetic field and the climate, completes the concept of whole planet coupling (Figure 1).
Moreover, the magnetic field and plate tectonics can also act as a negative feedback in cases where magnetic
shielding is required to prevent rapid planetary water loss, and plate tectonics is needed to drive the dynamo.

1.3. Applications to the Evolution of Rocky Exoplanets
The concept of whole planet coupling discussed in this review is based on our knowledge of the Earth and
the other rocky planets in the solar system, and is therefore limited to planets of a particular composition;
i.e., planets made up mainly of silicate mantles and iron cores. It is unknown whether any of the processes
discussed here are applicable to planets with more exotic compositions, such as planets primarily com-
posed of carbides rather than silicates [e.g., Madhusudhan et al., 2012]. Furthermore, we focus on H2O and
CO2 as key volatiles; CO2 is an important greenhouse gas for stabilizing planetary climate, and water is cru-
cial for driving the carbon cycle, may play a role in the operation of plate tectonics, and is thought to be a
necessary ingredient for life. Thus, planets must accrete a significant supply of both H2O and CO2 for whole
planet coupling to be possible. However, volatile accretion is unlikely to be a problem as simulations indi-
cate that planets commonly acquire large volatile inventories (i.e., Earth-like or larger) during late stage
planet formation [Morbidelli et al., 2000; Raymond et al., 2004].

Another important consideration is the redox state of the mantle, which determines whether degassing via
planetary magmatism releases H2O and CO2 to the atmosphere or reduced species such as H2 and CH4

[e.g., Kasting et al., 1993a]. Carbon dioxide is the only major greenhouse gas known to be regulated by neg-
ative feedbacks such that it has a stabilizing influence on climate. Thus, having CO2 as a primary green-
house gas is important for the whole planet coupling discussed here to operate. An oxidized upper mantle
favors CO2 over CH4 and other reduced gases. Earth’s mantle has been oxidized at present-day levels since
at least the early Archean [Delano, 2001], and possibly even since the Hadean [Trail et al., 2011]. Oxidation
of the mantle is thought to occur by disproportionation of FeO to Fe2O3-bearing perovskite and iron metal
in the lower mantle during accretion and core formation. The iron metal is then lost to the core leaving
behind oxidized perovskite that mixes with the rest of the mantle [Frost et al., 2008; Frost and McCammon,
2008]. Disproportionation of FeO is expected to occur on rocky planets Earth sized or larger [Wade and
Wood, 2005; Wood et al., 2006], so CO2 is likely to be an important greenhouse gas on exoplanets. Though
other greenhouse gases can still be important, any planet where significant amounts of CO2 are degassed
by mantle volcanism will need silicate weathering to act as a CO2 sink to avoid extremely hot climates.

1.4. Outline
The paper is structured as follows. We review the basic physics behind the generation of plate tectonics from
mantle convection, highlighting the role of climate, in section 2. We then review the long-term carbon cycle and
its influence on climate, and detail the specific ways plate tectonics is important for the operation of this cycle, in
section 3. Next, we review magnetic field generation via a core dynamo and the physics of atmospheric shielding
and volatile retention in section 4. In section 5, we integrate the discussion of the previous three sections to
describe the range of evolutionary scenarios that can result from differences in orbital distance, initial climate
state, volatile inventory, and other factors as a consequence of whole planet coupling. We conclude by listing
some major open questions that must be addressed in order to further our understanding of how terrestrial
planets evolve and the geophysical factors that influence habitability (section 6).

2. Generation of Plate Tectonics From Mantle Convection and the Role of Climate

2.1. General Physics of Plate Generation
Plate tectonics is the surface expression of convection in the Earth’s mantle: the lithosphere, composed of the
individual plates, is the cold upper thermal boundary layer of the convecting mantle, subducting slabs are
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convective downwellings, and plumes are convective upwellings [Davies, 1999; Bercovici et al., 2015]. However,
mantle convection does not always lead to plate tectonics, as evidenced by Mercury, Mars, and Venus, each
of which is thought to have a convective mantle but lack plate tectonics [e.g., Breuer and Moore, 2007]. On
these planets, ‘‘stagnant lid convection,’’ where the lithosphere acts as a rigid, immobile lid lying above the
convecting mantle [e.g., Ogawa et al., 1991; Davaille and Jaupart, 1993; Solomatov, 1995], is thought to operate
[Strom et al., 1975; Phillips et al., 1981; Solomon et al., 1992; Solomatov and Moresi, 1996, 1997; Spohn et al.,
2001; O’Neill et al., 2007a], though Venus may experience occasional, short-lived episodes of subduction
[Turcotte, 1993]. Stagnant lid convection is a result of the temperature dependence of mantle viscosity, which
increases by many orders of magnitude as temperature decreases from the hot conditions that prevail in the
planetary interior to the much cooler temperatures that prevail at the surface [e.g., Karato and Wu, 1993; Hirth
and Kohlstedt, 2003]. When the viscosity at the surface is �1032104 times that of the interior, the top thermal
boundary layer is so viscous that it can no longer sink under its own weight and form subduction zones, and
stagnant lid convection ensues [e.g., Richter et al., 1983; Christensen, 1984; Ogawa et al., 1991; Davaille and
Jaupart, 1993; Moresi and Solomatov, 1995; Solomatov, 1995]. Laboratory experiments indicate that the viscos-
ity ratio between the surface and mantle interior for typical terrestrial planets, including Earth, is �101021020,
far larger than the threshold for stagnant lid convection. Stagnant lid convection is thus the ‘‘natural’’ state for
rocky planets, and additional processes are necessary for plate tectonics to operate on Earth.

In order to generate plate-tectonic style mantle convection, rheological complexities capable of forming
weak, localized shear zones in the high-viscosity lithosphere are necessary. These weak shear zones (essen-
tially plate boundaries) remove the strong viscous resistance to surface motion that temperature-
dependent viscosity causes and thus allow subduction and plate motions to occur. We discuss plate bound-
ary formation in terms of viscous weakening in the lithosphere because the majority of the lithosphere,
including the region of peak strength in the midlithosphere, deforms via ductile or semibrittle/semiductile
behavior; the lithosphere only ‘‘breaks’’ in a brittle fashion at shallow depths of <10220 km [Bercovici et al.,
2015]. Many mechanisms have been proposed for producing the lithospheric weakening and shear localiza-
tion necessary for plate-tectonic style mantle convection [see reviews by Tackley, 2000a; Bercovici, 2003; Ber-
covici and Karato, 2003; Regenauer-Lieb and Yuen, 2003; Bercovici et al., 2015]; while we will not detail each
of these mechanisms, they do all share some general principles. Namely, shear-thinning non-Newtonian
rheologies have been found to be successful at generating plate-like mantle convection.

In a shear-thinning fluid, the strain rate, _e, is a nonlinear function of the stress, s, (where _e and s are the sec-
ond invariants of the stress and strain rate tensors, respectively):

_e / sn; (1)

where n is a constant. As the effective viscosity, leff, is proportional to s_e21,

leff / sð12nÞ / _e
ð12nÞ

n : (2)

With n> 1, viscosity decreases as stress or strain rate increases and high stress, high strain rate regions of
the lithosphere, such as regions of compression or tension caused by drips breaking off the base of the
lithosphere, are weakened (see Figure 2). Thus, lithospheric weakening occurs in exactly the regions neces-
sary for facilitating subduction. Shear-thinning behavior can result from inherently non-Newtonian rheolo-
gies with n> 1, or more complicated rheologies that involve ‘‘memory,’’ where a time-evolving state
variable, itself a function of stress and/or strain rate, influences viscosity. In the case of memory, an effec-
tively shear-thinning _e2s relationship can be calculated by taking the state variable in steady state (as we
show for grainsize reduction in section 2.1.2). Moreover, rheologies where stress decreases at high strain
rates, resulting in even stronger weakening, are possible but beyond the scope of this paper.
2.1.1. Viscoplasticity
One popular plate generation mechanism is the viscoplastic rheology, where the lithosphere ‘‘fails’’ and
becomes mobilized when its intrinsic strength, the yield stress, is reached [Fowler, 1993; Moresi and
Solomatov, 1998]. Typical implementations of the viscoplastic rheology assume that the mantle behaves
like a Newtonian fluid (following (1) and (2) with n 5 1) until stress becomes equal to the yield stress, sy (see
Figures 2c and 2d). At this point, stress is independent of strain rate, fixed at sy, and the viscosity follows

leff /
sy

_e
: (3)
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When convective stresses in the lithosphere hit the yield stress, low-viscosity shear zones at convergent and
divergent margins can form, and plate-like mantle convection can be obtained in two-dimensional [Moresi
and Solomatov, 1998; Richards et al., 2001; Korenaga, 2010b], three-dimensional Cartesian [Trompert and
Hansen, 1998; Tackley, 2000b; Stein et al., 2004], and three-dimensional spherical convection models [van
Heck and Tackley, 2008; Foley and Becker, 2009]. Convective stresses lower than the yield stress do not form
weak plate boundaries, and thus result in stagnant lid convection.

The convective stress, sm, has typically been found to scale as

sm / lm _em; (4)

where lm and _em are the effective viscosity and strain rate in the mantle, respectively [e.g., O’Neill et al.,
2007b]. The strain rate can be estimated as vm=d, where vm is convective velocity and d is the thickness of
the mantle. Velocity scales as [e.g., Solomatov, 1995; Turcotte and Schubert, 2002]

vm / Ra
2
3; (5)

where the Rayleigh number (Ra) is defined as

Figure 2. Illustration of plate generation using non-Newtonian (or effectively non-Newtonian) rheologies. Shown are a typical (a) viscosity field
and (b) temperature field for stagnant lid convection and schematic (c,e) strain rate versus stress and (d, f) viscosity versus strain rate curves
for viscoplastic (see section 2.1.1) and n 5 3 power law (equations (1) and (2)) rheologies. Weakening of the high viscosity lithosphere present
during stagnant lid convection is needed in order to allow subduction, and with non-Newtonian rheologies such weakening will occur at
high stress regions (highlighted in grey in Figures 2a and 2b). Figures 2c and 2d illustrate how non-Newtonian rheologies cause viscous weaken-
ing at high stresses or strain rates, while Figures 2e and 2f schematically demonstrate how outside conditions that influence the effectiveness of
a given plate generation mechanism change the (e) strain rate versus stress curve and the (f) viscosity versus strain rate curve.
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Ra5
qgaDTd3

jlm
; (6)

and describes the convective vigor of the system ðq is density, g gravity, a thermal expansivity, DT the non-
adiabatic temperature drop across the mantle, and j the thermal diffusivity).

However, despite a large Rayleigh number on the order of 1072108, typical convective stresses are only
�12100 MPa [e.g., Tackley, 2000b; Solomatov, 2004; O’Neill and Lenardic, 2007], approximately an order of
magnitude lower than the strength of the lithosphere based on laboratory experiments [e.g., Kohlstedt
et al., 1995]. Thus, much work has focused on mechanisms for decreasing the lithospheric strength, usu-
ally involving water [e.g., Tozer, 1985; Lenardic and Kaula, 1994; Regenauer-Lieb et al., 2001; van der Lee
et al., 2008], though some recent models have looked at mechanisms for increasing convective stresses
[Rolf and Tackley, 2011; H€oink et al., 2012]. In section 2.2, we describe how the possibility of water weaken-
ing links the operation of plate tectonics to climate. Moreover, climate also influences convective stresses,
by altering DT , providing another important link between climate and tectonics.
2.1.2. Damage and Grainsize Reduction
While viscoplasticity has shown some success at generating plate-like mantle convection, it fails to form local-
ized strike-slip faults [Tackley, 2000b; van Heck and Tackley, 2008; Foley and Becker, 2009], a problem with all sim-
ple non-Newtonian rheologies [Bercovici, 1993]. Furthermore, viscoplasticity is an instantaneous rheology: when
stresses fall below the yield stress weakened lithosphere instantly regains its strength. On Earth, however, dor-
mant weak zones are known to persist over geologic time scales, and can serve as nucleation points for new
subduction zones [Toth and Gurnis, 1998; Gurnis et al., 2000]. An alternative mechanism, that allows for dormant
weak zones (i.e., memory of past deformation) and is capable of generating strike-slip faults, is grainsize reduc-
tion [Bercovici and Karato, 2003; Bercovici and Ricard, 2012, 2013, 2014]. Grainsize reduction is commonly seen in
field observations of exhumed lithospheric shear zones [White et al., 1980; Drury et al., 1991; Jin et al., 1998;
Warren and Hirth, 2006; Skemer et al., 2010], and experiments show that viscosity is proportional to grainsize
when deformation is dominated by diffusion creep or grain boundary sliding [e.g., Hirth and Kohlstedt, 2003].

One major problem for a grainsize reduction plate generation mechanism, though, is that grainsize reduc-
tion occurs by dynamic recrystallization, which takes place in the dislocation creep regime, while grainsize
sensitive flow only occurs in the diffusion creep or grain boundary sliding regimes [e.g., Etheridge and Wilkie,
1979; De Bresser et al., 1998; Karato and Wu, 1993]. Thus, a feedback mechanism, where deformation causes
grainsize reduction, which weakens the material and leads to more deformation, is apparently not possible
[e.g., De Bresser et al., 2001]. Without such a feedback, only modest weakening can occur. However, a new
theory argues that when a secondary phase (e.g., pyroxene) is dispersed throughout the primary phase
(e.g., olivine), a grainsize feedback is possible, because grainsize reduction can continue in the diffusion
creep regime due the combined effects of damage to the interface between phases and Zener pinning
(where the secondary phase blocks grain growth of the primary phase) [Bercovici and Ricard, 2012].

Using a simplified version of the theory in Bercovici and Ricard [2012] [see also Foley and Bercovici, 2014], the
grainsize reduction mechanism can be formulated as:

dA
dt

5
fA

c
W2hAp; (7)

where A is the fineness (or inverse grainsize), c is surface tension, h is the grain-growth (or healing) rate, p is
a constant, W is the deformational work, defined as W5eijsij , where eij is the strain rate tensor and sij is the
stress tensor, and fA is the fraction of deformational work that partitions into surface energy, thus driving
grainsize reduction. The grain-growth rate is strongly temperature dependent, and is given by

h5hnexp
2Eh

RgT

� �
; (8)

where hn is a constant, Eh is the activation energy for grain growth, Rg is the universal gas constant, and T is
temperature. The effective viscosity is

leff 5lnexp
Ev

RgT

� �
A

A0

� �2m

5lðTÞ A
A0

� �2m

; (9)
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where ln and m are constants, Ev is the activation energy for diffusion creep, and A0 is the reference fine-
ness. Taking (7) in steady state, using the viscous constitutive law sij52leff _e ij , and the definition _e ij _e ij52_e2,
the fineness can be written as a function of strain rate

A5
4fAlðTÞ_e2Am

0

ch

� � 1
p1m

: (10)

Combining (9) and (10), the viscosity is also a function of strain rate,

leff 5 lðTÞp 4fA _e2

chAp
0

� �2m
 ! 1

p1m

; (11)

and using s52leff _e, the effective s2_e relationship is

_e5
1
2

lðTÞ2p fA

chAp
0

� �m

sp1m

� � 1
p2m

: (12)

With typical parameters of m 5 2 and p 5 4 [Hirth and Kohlstedt, 2003; Bercovici and Ricard, 2012], the grain-
size reduction mechanism results in an effectively non-Newtonian rheology with n 5 3 (Figures 2c and 2d).
Furthermore, as detailed in section 2.2, climate can have a significant impact on plate generation with this
mechanism, because grain growth is temperature dependent. At high surface temperatures, and thus
higher temperatures in the midlithosphere, faster grain growth (i.e., higher h) impedes grainsize reduction.

2.2. Influence of Climate on Tectonic Regime
Both the viscoplastic and grainsize reduction mechanisms for generating plate-tectonic style mantle con-
vection are linked to climate. Although we treat these mechanisms separately, they are not mutually exclu-
sive. The viscoplastic rheology is most relevant to brittle deformation in the upper lithosphere, while
grainsize reduction provides viscous weakening in the lower lithosphere. As a result both mechanisms can
operate simultaneously, and both may be important for generating plate tectonics.

Climate can influence whether plate-like convection occurs with a viscoplastic rheology in three main ways:
first, climate dictates whether water can exist in contact with ocean lithosphere at the surface, such that
high pore pressure [e.g., Hubbert and Rubey, 1959; Sibson, 1977; Rice, 1992; Sleep and Blanpied, 1992] and
weak, hydrous phases [Escart�ın et al., 2001; Hilairet et al., 2007] can lubricate faults and lower the litho-
sphere’s yield strength; second, climate influences whether deep cracking of the lithosphere can occur,
which is potentially important for hydrating the midlithosphere and lower lithosphere; and third, climate
influences convective stresses. The first point, whether water can interact with rocks at the surface, provides
only a weak influence of climate on tectonic regime, because hydrous phases can form over a wide range
of surface temperatures. Geothermal heat flow can likely maintain a sub-ice ocean even at temperatures
below the water freezing point [e.g., Warren et al., 2002], and hydrous silicates are stable at temperatures up
to � 50027008C [e.g., Hacker et al., 2003], meaning these phases could even form under a steam
atmosphere.

However, forming weak faults in the near-surface environment is not sufficient for plate tectonics; weaken-
ing of the midlithosphere and lower lithosphere, where strength is maximum, is also necessary. The deep
lithosphere is initially dry due to dehydration during mid-ocean ridge melting [Hirth and Kohlstedt, 1996;
Evans et al., 2005], and is deeper than hydrothermal circulation can reach [Gregory and Taylor, 1981]. Thus, a
mechanism capable of hydrating the midlithosphere is necessary for water weakening to be viable. One
possible mechanism is the ingestion of water along deep thermal cracks [Korenaga, 2007]. Deep cracking is
a result of thermal stresses that arise in the cooling lithosphere. The thermal stresses are proportional to the
temperature difference between the cold lithosphere and the mantle interior, so climate can directly influ-
ence hydration of the midlithosphere. Higher surface temperatures could potentially lead to shallow cracks
that leave the midlithosphere dry and strong. The surface temperature range where thermal cracking is
effective has not been explored, but temperatures would likely have to be on the order of hundreds of
degrees hotter than the present-day Earth to impede plate tectonics.
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An even stronger role for climate stems from the influence of surface temperature on convective stresses.
High surface temperatures decrease stresses by lowering the negative thermal buoyancy of the lithosphere
(e.g., DT decreases, resulting in lower sm from equations (4)–(6)). If the convective stress drops below the
yield stress, then stagnant lid convection ensues. Lenardic et al. [2008] found that increasing Earth’s present-
day surface temperature by �100 K or more is sufficient to induce stagnant lid convection, even with a
weak, hydrated lithosphere [see also Weller et al., 2015].

When a grainsize reduction mechanism is considered, climate controls whether plate-like convection can
occur through the influence of temperature on lithospheric grain-growth rates (Figure 3). Grain growth is
faster at higher temperatures (see (8)), and higher grain-growth rates impede the formation of weak shear
zones by acting to increase grainsize (see (10)). Thus, high surface temperatures, which lead to higher tem-
peratures in the midlithosphere, promote stagnant lid convection [Landuyt and Bercovici, 2009; Foley et al.,
2012]. Foley et al. [2014] found that surface temperatures need to reach � 5002600 K for an Earth-like
planet to enter a stagnant lid regime due to enhanced grain growth. Increasing surface temperature even
further would eventually lead to a state where the lithosphere has a low enough viscosity to ‘‘subduct’’ even
without any of the rheological weakening mechanisms discussed in this section (i.e., mantle convection
would resemble constant viscosity convection). However, for this style of ‘‘subduction’’ to occur, the viscos-
ity ratio between the surface and mantle interior must be less than � 104 [Solomatov, 1995], which requires
a surface temperature of >1000 K with an Earth-like mantle temperature of � 1600 K.

Summarizing the results from both mechanisms, cold surface temperatures are generally favorable for plate tec-
tonics because they promote grainsize reduction and boost convective stresses. Moreover, cold surface temper-
atures are unlikely to prevent water weakening because geothermal heat flow can maintain liquid water
beneath an ice covered ocean. However, high temperatures, in the range of 400–600 K, can cause stagnant lid
convection by dropping convective stresses, increasing grain-growth rates, and possibly suppressing thermal
cracking. The influence of climate on tectonic regime is also a leading a hypothesis for the lack of plate tectonics
on Venus, as the Venusian surface temperature, 750 K, is easily hot enough to shut down plate tectonics based
on the geodynamical models discussed in this section [Lenardic et al., 2008; Landuyt and Bercovici, 2009].

2.3. Importance of Mantle Temperature and Other Factors
Naturally, climate is not the only important factor governing whether terrestrial planets will have plate tecton-
ics. Mantle temperature, in particular, has been shown to have a major influence on a planet’s tectonic regime.
Mantle temperature modulates mantle convective stresses and lithospheric grain-growth rates, similar to the
influence of surface temperature discussed in section 2.2, and mantle temperature controls the thickness of
the oceanic crust formed at ridges, which affects the lithosphere’s buoyancy with respect to the underlying
mantle. All of these effects act to inhibit plate tectonics when interior temperatures are high, implying that
planets with high internal heating rates or young planets, which are hotter because they have had less time

Figure 3. (a) Effective stress versus strain rate relationship and (b) viscosity versus strain rate relationship resulting from grain damage (equations (8)–(12) with Eh 5 500 kJ mol21,
Ev 5 300 kJ mol21, m 5 2, p 5 4, and fA51024). A lower temperature in the midlithosphere, which can result from a lower surface temperature, enhances viscous weakening, i.e., lower
viscosities result from the same strain rate. As a result, the plate tectonic regime is found at low surface temperatures while the stagnant lid regime is found at high temperatures, as
shown by (c) the regime diagram from Foley et al. [2012] (reprinted with permission). Note that the boundary between the plate-tectonic and stagnant lid regimes in Figure 3c is normal-
ized to the Earth’s present-day state. The exact position of the boundary between Earth and Venus could not be constrained by the simple models used in Foley et al. [2012].
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to lose their primordial heat [e.g., Abbott et al., 1994; Korenaga, 2006; Labrosse and Jaupart, 2007; Herzberg
et al., 2010] (see also section 4.2), will be less likely to have plate tectonics. However, there is disagreement
over just how important mantle temperature is in dictating a planet’s mode of surface tectonics.

Increasing mantle temperature drops the mantle viscosity, lm. From equations (4)–(6), mantle stress scales
as l1=3

m . Thus, higher mantle temperatures lead to lower convective stresses, and, if stresses drop below the
yield strength, stagnant lid convection in viscoplastic models [O’Neill et al., 2007b; Moore and Webb, 2013;
Stein et al., 2013]; this effect may have even caused stagnant lid convection, possibly with episodic subduc-
tion events, on the early Earth [O’Neill et al., 2007b; Moore and Webb, 2013]. The influence of mantle temper-
ature on stress can also lead to hysteresis in viscoplastic mantle convection models [Crowley and O’Connell,
2012; Weller and Lenardic, 2012; Weller et al., 2015]. Stagnant lid convection results in higher interior temper-
atures, and thus lower stresses, than mobile lid convection, due to low heat flow across the thick, immobile
lithosphere. It is therefore harder to initiate plate tectonics starting from a stagnant lid initial condition than
it is to sustain plate tectonics on a planet where it is already in operation. Such hysteresis would also mean
that a planet that loses plate tectonics will be unlikely to restart it at a later time, even before the couplings
with climate and the magnetic field are taken into account.

High mantle temperatures also play a role in plate generation via grainsize reduction, because they result in
a warmer midlithosphere, and thus higher grain-growth rates. However, the influence of mantle tempera-
ture on lithospheric grain-growth rate is weaker than that of surface temperature, so elevated mantle tem-
peratures alone are not capable of shutting down plate tectonics [Foley et al., 2014], in contrast to
viscoplasticity. Furthermore, the weak role of mantle temperature in plate generation means that the hys-
teresis loops seen in viscoplastic models may be less prominent with a grainsize reduction mechanism,
though future study is needed to confirm this.

Mantle temperature also determines the thickness of oceanic crust generated at spreading centers, with
hotter temperatures generally leading to a thicker crust [e.g., White and McKenzie, 1989]. As crust is less
dense than the underlying mantle, cooling of the lithospheric mantle is necessary for the lithosphere as a
whole to become convectively unstable [e.g., Oxburgh and Parmentier, 1977]. A very thick crust then
requires a long cooling time, such that a thick lithospheric mantle root can form, in order to create a nega-
tively buoyant lithospheric column. Forming a thick lithospheric mantle root is problematic, especially
under high mantle temperature conditions, because the lithospheric mantle can delaminate before the
lithosphere as a whole reaches convective instability, preventing subduction and plate tectonics [e.g.,
Davies, 1992]. The ability of crustal buoyancy to preclude plate tectonics on both the early Earth [Davies,
1992; Vlaar, 1985; van Thienen et al., 2004b], and on exoplanets [Kite et al., 2009], has been discussed by
many authors. However, the transition from basalt to compositionally dense eclogite, which occurs at shal-
low depths of � 50 km on Earth [e.g., Hacker, 1996], allows episodic subduction events to occur despite a
thick, buoyant crust in models of the early Earth [van Thienen et al., 2004a] and super-Earth exoplanets
[O’Rourke and Korenaga, 2012]. Moreover, even stable, modern day plate tectonics can potentially still oper-
ate because the same melting process that creates the crust also dehydrates and stiffens the subcrustal
mantle; this stiff lithospheric mantle then resists delamination and allows thick, negatively buoyant litho-
sphere to form through conductive cooling [Korenaga, 2006].

It is also important to point out that other factors, in particularly, composition and size, can potentially have
a major impact on whether plate tectonics can take place on a rocky planet. However, both the influence of
size and bulk composition on a planet’s tectonic regime are not well understood. There is still significant
disagreement over whether increasing planet size makes plate tectonics more or less likely, owing mainly
to uncertainties in lithospheric rheology, the pressure dependence of mantle viscosity and thermal conduc-
tivity, and the expected radiogenic heating budget of exoplanets (see also section 5.2). Likewise, little is
known about the key material properties for planetary mantles with a significantly different composition
than Earth. Understanding how these factors influence a planet’s propensity for plate tectonics and overall
evolution is a vital area of future research.

3. Climate Regulation and the Long-Term Carbon Cycle

A primary factor determining whether a planet’s climate will be conducive to plate tectonics is the degree
of greenhouse warming. Venus has � 90 bar of CO2 in its atmosphere resulting in a surface temperature of
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� 750 K that is unfavorable for plate
tectonics, while Earth only has � 43

1024 bar of atmospheric CO2, and thus
has a temperate climate that allows for
plate tectonics. However, on Earth,
there is enough CO2, anywhere from
� 60 to 200 bar [e.g., Sleep and Zahnle,
2001], locked in carbonate rocks at
the surface and in the mantle to
cause very hot surface temperatures
of � 4002500 K [Kasting and Ackerman,
1986]. Thus, a key factor for maintaining
plate tectonics on a planet is the ability
to prevent large quantities of CO2 from
building up in the atmosphere. On plan-

ets possessing liquid water, like Earth, this can be accomplished by silicate weathering at the surface and on the
seafloor. Crucially, the weathering rate is sensitive to climate, with higher temperatures leading to larger weath-
ering rates (and thus higher CO2 drawdown rates), meaning that weathering acts as a negative feedback mech-
anism that works to maintain temperate climate conditions [Walker et al., 1981; Berner et al., 1983; Tajika and
Matsui, 1990; Brady, 1991; Tajika and Matsui, 1992; Berner and Caldeira, 1997; Berner, 2004]. Planets that lack liq-
uid water, like Venus, have no mechanism for regulating atmospheric CO2. However, as we show in this section,
simply possessing water does not guarantee that weathering can maintain climates within a range favorable for
plate tectonics. A sufficient supply of fresh, weatherable rock at the surface is also needed. We further argue
that plate tectonics enhances the supply of fresh rock to the surface, opening the possibility that plate tectonics
and the long-term carbon cycle act as a self-sustaining feedback mechanism in some cases.

3.1. Modeling the Long-Term Carbon Cycle
Figure 4 gives a simple illustration of the global carbon cycle where four main reservoirs of carbon are consid-
ered (see Berner [2004] and Ridgwell and Zeebe [2005] for detailed reviews): the seafloor, the mantle, the
atmosphere, and the ocean (the atmosphere and ocean reservoirs are often combined because equilibration
between these two reservoirs is essentially instantaneous on geologic time scales [e.g., Sleep and Zahnle,
2001]). Carbon dioxide in the atmosphere is consumed by weathering reactions with silicate rocks, producing
calcium, magnesium, and bicarbonate ions that flow from groundwater into rivers, eventually draining into
the ocean (see Gaillardet et al. [1999] for a global compilation of CO2 consumption via chemical weathering).
Once in the ocean, these ions recombine to precipitate carbonates, leading to an overall net transfer of CO2

from the atmosphere to carbonate rocks on the seafloor. Hydrothermal alteration of basalt can also act as a
sink for CO2 dissolved in the oceans, and given rapid equilibration between the atmosphere and ocean, a sink
for atmospheric CO2 as well [Staudigel et al., 1989; Alt and Teagle, 1999; Gillis and Coogan, 2011]. Carbonates
on the seafloor, both in the form of sediments and altered basalt, are subducted into the mantle at trenches.
Here a fraction of the carbon devolatilizes and returns to the atmosphere through arc volcanoes, with the
remaining carbon being recycled to the deep mantle. To close the cycle, mantle carbon is degassed through
mid-ocean ridge and plume volcanism back to the atmosphere and ocean reservoirs.

The balance between weathering and volcanic outgassing dictates atmospheric CO2 content. This balance
is formulated as

Fweather 1 Fsfw 5 Farc 1 Fridge; (13)

where Fweather is the silicate weathering flux on land, Fsfw is the seafloor weathering flux, Farc is the flux of
CO2 degassing from volcanic arcs, and Fridge is the degassing flux at ridges. Balance between silicate weath-
ering and degassing typically occurs rapidly, on a time scale of �1 Myr or less [e.g., Sundquist, 1991; Berner
and Caldeira, 1997; Driscoll and Bercovici, 2013; Foley, 2015], so assuming that weathering always balances
degassing is reasonable when studying long-term climate evolution. The arc degassing flux is typically writ-
ten as

Figure 4. Schematic diagram of the global carbon cycle after Foley [2015].
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Farc 5
fvpLRp

Ap
; (14)

where f is the fraction of subducted carbon that degasses, vp is the plate speed, L is the length of subduc-
tion zone trenches, Rp is the amount of carbon on the seafloor, and Ap is the area of the seafloor. The ridge
degassing flux is given by

Fridge5
fd vpLdmelt Rman

Vman
; (15)

where fd is the fraction of upwelling mantle that degasses, L is the length of ridges (assumed equal to the
length of trenches), dmelt is the depth where mid-ocean ridge melting begins, Rman is the amount of carbon
in the mantle, and Vman is the volume of the mantle [e.g., Tajika and Matsui, 1990, 1992; Sleep and Zahnle,
2001; Driscoll and Bercovici, 2013; Foley, 2015].

Silicate weathering can exert a negative feedback on climate because mineral dissolution rates, and hence
CO2 drawdown rates, increase with increasing temperature and precipitation [e.g., Walker et al., 1981; Berner
et al., 1983] (see Kump et al. [2000] and Brantley and Olsen [2014] for reviews on mineral dissolution kinetics
and atmospheric CO2). A similar link between climate and weathering rate can be seen in many field studies
[e.g., Velbel, 1993; White and Blum, 1995; Dessert et al., 2003; Gislason et al., 2009; White and Buss, 2014; Viers
et al., 2014]. However, many other locations show no link between weathering and climate; instead, the
weathering flux is linearly related to the physical erosion rate [Stallard and Edmond, 1983; Edmond et al.,
1995; Gaillardet et al., 1999; Oliva et al., 1999; Millot et al., 2002; Dupr�e et al., 2003; Riebe et al., 2004; West
et al., 2005; Viers et al., 2014]. These conflicting field observations are likely due to the distinction between
‘‘kinetically limited’’ (or ‘‘reaction limited’’) weathering and ‘‘supply limited’’ weathering. When weathering is
kinetically limited, the kinetics of mineral dissolution controls the weathering rate. However, when weather-
ing is supply limited, the supply of fresh rock brought to the weathering zone by erosion controls the
weathering rate.

Supply limited weathering occurs when the reaction between silicate minerals and CO2 runs to completion
in the regolith, requiring physical erosion to expose fresh bedrock for weathering to continue. The supply-
limited weathering flux (Fws ) can be written as [Riebe et al., 2004; West et al., 2005; Mills et al., 2011; Foley,
2015]

Fws 5
Aland Evqcc

�m
; (16)

where Aland is the surface area of all exposed land, E is the physical erosion rate, v is the fraction of reactable
elements in the crust, qcc is the density of the crust, and �m is the molar mass of reactable elements. The
kinetically limited weathering flux, Fwk , is sensitive to climate and can be written as [e.g., Walker et al., 1981;
Berner et al., 1983; Tajika and Matsui, 1990, 1992; Berner, 1994; Sleep and Zahnle, 2001; Berner, 2004; Driscoll
and Bercovici, 2013]

Fwk 5 F�wexp
Ea

Rg

1
T�

2
1
T

� �� �
PCO2

P�CO2

 !b
R

R�

� �a fland

f �land

� �
; (17)

where F�w is the present-day rate of atmospheric CO2 drawdown by silicate weathering (F�w � 631012 mol
yr21, or half the estimate of Gaillardet et al. [1999] because half of the CO2 removed by weathering is rere-
leased to the atmosphere when carbonates form [Berner, 2004]), Ea is the activation energy for mineral dis-
solution, PCO2 is the partial pressure of atmospheric CO2, R is the runoff, fland is the land fraction (subaerial
land area divided by Earth’s surface area), and b and a are constants. Stars represent present-day values.

The exponential term in (17) describes the temperature sensitivity of mineral dissolution rates, where typical
values of Ea range from � 40 to 50 kJ mol21 [e.g., Brady, 1991]. The PCO2 term describes the direct depend-
ence of silicate weathering rates on atmospheric CO2 concentration, which results from the role of pH in
mineral dissolution. Specifically, more acidic pH values cause faster dissolution rates. However, when disso-
lution is caused by organic acids produced by biology (mainly plants on the modern Earth), soil pH is fixed,
and the direct dependence of weathering rate on PCO2 is weak (i.e., b in (17) is approximately 0.1 or less
[Volk, 1987; Berner, 1994; Sleep and Zahnle, 2001]). Without biologically produced acids, carbonic acid

Geochemistry, Geophysics, Geosystems 10.1002/2015GC006210

FOLEY AND DRISCOLL WHOLE PLANET COUPLING 11



formed when atmospheric CO2 dissolves in rainwater sets the soil pH, making the direct dependence of
weathering rate on PCO2 stronger (b � 0:5 [Berner, 1992]). The runoff term adds an additional climate feed-
back, as precipitation rates increase with temperature (a � 0:620:8 [Berner, 1994; Bluth and Kump, 1994;
West et al., 2005]; see Berner [1994] for a detailed discussion of how silicate weathering scales with runoff).
Finally, the weathering rate scales with land fraction, because decreasing the total area of land undergoing
weathering lowers the total weathering flux.

The supply limited and kinetically limited weathering fluxes can be combined into a total weathering flux fol-
lowing Gabet and Mudd [2009], Hilley et al. [2010], and West [2012] (see Foley [2015] for a full derivation) as

Fweather 5 Fws 12exp 2
Fwk

Fws

� �� �
: (18)

When Fwk is below the supply limit, Fws , the overall weathering rate is approximately equal to the kinetically
limited weathering rate, i.e., Fweather � Fwk . However, when Fwk reaches or exceeds the supply limit, the over-
all weathering rate is fixed at Fws ; i.e., Fweather can no longer increase with increasing surface temperature or
atmospheric CO2 content once the supply limit to weathering has been reached. The present-day Earth con-
sists of both regions undergoing supply limited weathering and those undergoing kinetically limited weath-
ering. However, kinetically limited weathering appears to be the dominant component of the global silicate
weathering flux [West et al., 2005].

Finally, CO2 drawdown also occurs via seafloor weathering on mid-ocean ridge flanks [Alt and Teagle, 1999].
Seafloor weathering is thought to be a smaller present-day CO2 sink than weathering on land, and whether
it exerts a strong feedback on climate is debated [Caldeira, 1995; Brady and G�ıslason, 1997; Berner, 2004;
Coogan and Gillis, 2013; Coogan and Dosso, 2015]. Many studies have assumed a weak dependence on PCO2 ,
based on the experiments of Brady and G�ıslason [1997], and formulate the seafloor weathering flux as [e.g.,
Sleep and Zahnle, 2001; Mills et al., 2014; Foley, 2015]

Fsfw 5 F�sfw
vp

v�p

 !
PCO2

P�CO2

 !n

; (19)

where the present-day seafloor weathering flux F�sfw � 1:7531012 mol yr21 [Mills et al., 2014] and n � 0:25.
However, both a stronger PCO2 dependence and/or a direct temperature feedback are possible. Seafloor
weathering can also become ‘‘supply limited,’’ because only a finite amount of CO2 can be stored in the
ocean crust. Sleep et al. [2001, 2014] estimate that only the top � 500 m of ocean crust can be completely
reacted with CO2, meaning no more than � 431021 mol (or � 30 bar), � 1/10–1/2 Earth’s total CO2 budget,
can be locked in the seafloor at any one time.

3.2. The Silicate Weathering Climate Feedback and Plate Tectonics
Kinetically limited weathering is able to prevent massive quantities of CO2 from building up in the atmos-
phere, because the weathering rate increases with increasing atmospheric CO2 content. Considering a bal-
ance between a given degassing flux, Fvol5Farc1Fridge, and weathering, the atmospheric CO2 content as a
function of degassing rate can be calculated (Figure 5). When the degassing rate is increased, only a small
increase in atmospheric CO2 concentration is needed to bring weathering back into balance with degassing,
because the weathering rate is a strong function of PCO2 . The stronger the dependence of weathering on
atmospheric CO2, the less sensitive PCO2 is to variations in the degassing rate. It is this ability to balance the
volcanic outgassing flux with minimal changes in PCO2 that allows weathering to prevent extremely hot cli-
mates, and thus maintain conditions favorable for plate tectonics.

The negative feedback between climate and weathering is also important for habitability, because it acts to
stabilize climate in response to variations in solar luminosity. Stars increase in luminosity as they age; for
example, the sun’s luminosity was 70% its present-day level during the Archean [Gough, 1981]. The weath-
ering feedback acts to partially counteract this change in luminosity by allowing higher CO2 levels when
luminosity is low and lower CO2 levels when luminosity is high. However, this topic has been extensively
studied [e.g., Walker et al., 1981; Franck et al., 1999; Sleep and Zahnle, 2001; Abbot et al., 2012], and going
into more detail is beyond our scope.

Geochemistry, Geophysics, Geosystems 10.1002/2015GC006210

FOLEY AND DRISCOLL WHOLE PLANET COUPLING 12



On the other hand, when weathering becomes supply limited, it can no longer increase with atmospheric CO2

level and is therefore unable to balance the degassing flux (globally supply limited weathering requires that
Fvol � Fws , otherwise weathering would not be supply limited). As a result, atmospheric CO2 accumulation from
volcanic outgassing continues unabated until the mantle and plate reservoirs are depleted in carbon, and
extremely hot climates, that are unfavorable for plate tectonics, prevail (Figure 6). Small land areas or low erosion
rates lead to supply limited weathering, because both factors limit the supply of fresh rock to the surface, and
hence lower Fws [see Foley, 2015, for details]. Alternatively, factors that increase the degassing rate can also drive
a planet into the supply limited weathering regime, even with a large land area or high erosion rates. Planets
with large total CO2 inventories are more susceptible to supply limited weathering because degassing rates are
higher. Another important factor is the fraction of subducted carbon that reaches the deep mantle, instead of
devolatilizing and returning to the atmosphere at arcs (f from equation (14)). When more carbon can be sub-
ducted and stored in the mantle, Farc is lower and kinetically limited weathering is easier to maintain (Figure 6d).
The fraction of subducted carbon that degasses at arcs is not well constrained, and the physical and chemical
processes controlling this number are poorly understood [e.g., Kerrick and Connolly, 2001; Dasgupta and Hirsch-
mann, 2010; Ague and Nicolescu, 2014; Kelemen and Manning, 2015]. Moreover, f is likely a function of mantle
temperature, as more slab CO2 will devolatilize during subduction into a hotter mantle [e.g., Dasgupta and
Hirschmann, 2010]. Thus, planets with hot mantles, as expected for young planets or those with high radiogenic
heating budgets (see section 4.2), may be more susceptible to supply limited weathering. Better constraints on
carbon subduction and devolatilization are clearly needed for understanding global climate feedbacks.

Figure 6 assumes that seafloor weathering follows (19), as in Foley [2015], which provides only a modest cli-
mate feedback. However, including a stronger climate feedback does not prevent extremely hot climates
from forming when weathering on land is supply limited, because seafloor weathering will also become
supply limited when all of the accessible basalt is completely altered [Sleep et al., 2001, 2014]. With the
ocean crust unable to take in any more carbon, a CO2-rich atmosphere still forms [Foley, 2015]. Furthermore,
the high surface temperatures predicted for the supply limited weathering regime could potentially lead to
rapid water loss to space or even trigger a runaway greenhouse. Such scenarios are not explicitly modeled
here, but would reinforce the fact that supply limited weathering causes a climate state that is unfavorable
for plate tectonics; losing water would prevent volatile weakening of the lithosphere, and a runaway green-
house climate results in temperatures even higher than those shown in Figure 6.

3.3. Extent of Coupling Between Climate and Surface Tectonics
Plate tectonics helps to sustain kinetically limited weathering, and therefore prevent extremely hot climates
from forming, by acting to maintain high erosion rates and large subaerial land areas through orogeny and vol-
canism. Erosion rates are highest in rapidly uplifting, tectonically active areas [e.g., Portenga and Bierman, 2011],

Figure 5. Response of (a) surface temperature and (b) partial pressure of atmospheric CO2, normalized by the present-day value, to
increases in the CO2 degassing rate (where Fvol=F�vol is the volcanic outgassing rate normalized by the present-day value). Different values
of Ea and b are used, as described in the legend, to show how stronger climate feedbacks cause climate to be less sensitive to degassing
rate. Typical values for the Earth are Ea 5 42 kJ mol21 and b50:5 (red line).
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and orogenic processes are the primary cause of such uplift. Without tectonic uplift, erosion rates would decay
to very low values because the surface can only erode as quickly as uplift creates topography. Orogeny results
from plate tectonic processes, such as continent-continent collisions, island arc formation, and accretion of arcs
to cratons, so plate tectonics is essential for keeping erosion rates on Earth high. Tectonic uplift and physical
erosion have long been thought to be important for weathering and climate [e.g., Raymo and Ruddiman, 1992;
Maher and Chamberlain, 2014], and the transition between kinetically limited and supply limited weathering
provides an exciting new mechanism for explaining this influence [e.g., Kump and Arthur, 1997; Froelich and
Misra, 2014].

Volcanism also creates topography and supplies fresh rock to the surface, so the fact that plate tectonics
causes widespread subaerial volcanism (e.g., through arc, plume, and other hotspot melting), is important
for sustaining high erosion rates as well. Perhaps the more important role for volcanism, however, is in cre-
ating exposed land, as large land areas also increase the supply of weatherable rock. In particular, continen-
tal crust, which makes up the large majority of Earth’s exposed land, is thought to be predominantly
created by subduction zone volcanism [e.g., Rudnick, 1995; Cawood et al., 2013], a process that is unique to
plate tectonics. Though hotspot or plume volcanism, the dominant mode of volcanism for a stagnant lid
planet, can still create land and continental crust [e.g., Stein and Goldstein, 1996; Smithies et al., 2005], plate
tectonics clearly enhances subaerial land.

In fact, on a planet with a large area of exposed land, like Earth, the high erosion rates provided by plate
tectonics may not be necessary for maintaining kinetically limited weathering. On Earth, typical erosion
rates for flat-lying, tectonically inactive regions are on the order of 0.01 mm yr21 [Portenga and Bierman,
2011; Willenbring et al., 2013], which gives a supply limited weathering flux on the order of 1013 mol yr21

when combined with Earth’s large land area of � 1:531014 m2. However, as half of the CO2 removed by sili-
cate weathering is rereleased to the atmosphere when carbonates form [e.g., Berner et al., 1983], the net
rate of CO2 drawdown is �531012 mol yr21. The present-day degassing flux is � ð6210Þ31012 mol yr21

Figure 6. (a) Partial pressure of atmospheric CO2 and (b) surface temperature as a function of total planetary CO2 budget and land fraction
(fland) after Foley [2015]. Kinetically limited weathering occurs at large land fractions and low planetary CO2 budgets, resulting in temperate
surface temperatures, while supply limited weathering results in extremely hot climates when land fraction is low or total CO2 budget is
high. The estimated location of the Earth in land fraction-planetary CO2 budget space is shown in Figure 6b. The boundary between the
kinetically limited and supply limited weathering regimes shown (c) as a function of erosion rate, E, and (d) as a function of the fraction of
subducted carbon that degasses at arcs, f (where the label KL refers to the kinetically limited regime and SL refers to the supply limited
regime).
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[e.g., Marty and Tolstikhin, 1998; Sleep and Zahnle, 2001; Burton et al., 2013], which would be significantly
lower if Earth was in a stagnant lid regime. Marty and Tolstikhin [1998] estimate � 331012 mol yr21 of CO2

degassing from plumes, which is a reasonable approximation for Earth’s degassing flux if it was in a stag-
nant lid regime. As the stagnant lid degassing flux is lower than the supply limited weathering flux, kineti-
cally limited weathering is possible on a hypothetically stagnant lid Earth.

Therefore, plate tectonics and the long-term carbon cycle probably only act as a self-sustaining feedback
on planets with small land areas or large planetary CO2 inventories, where high erosion rates are needed to
prevent supply limited weathering (i.e., planets that would lie near the boundary between kinetically limited
and supply limited weathering in Figure 6). Unfortunately, a more quantitative estimate is not possible with
our current level of understanding on how tectonics modulates erosion and weathering. Nevertheless,
given that volatile acquisition during terrestrial planet formation can vary significantly [e.g., Raymond et al.,
2004], volatile-rich planets where plate tectonics and the carbon cycle are so tightly coupled may be com-
mon. Furthermore, even if a planet’s exposed land area is large enough to sustain kinetically limited weath-
ering at low erosion rates, plate tectonics may still be important. Plate tectonics may be responsible for
creating most of the exposed land through continental crust formation, without which much higher erosion
rates would be needed for kinetically limited weathering. Earth may even be an example of such a planet.

Another aspect of the coupling between plate tectonics and climate is that plate tectonics leads to long-
lived CO2 degassing by recycling carbon into the mantle at subduction zones. This process is important for
habitability, because when CO2 degassing rates are low, or cease entirely, snowball climates can form
[Kadoya and Tajika, 2014]. However, snowball climates are unlikely to also shut down plate tectonics, so the
role of plate tectonics in sustaining CO2 degassing probably does not represent a self-sustaining feedback
between tectonics and climate.

The different evolutionary scenarios that result from coupling between climate and surface tectonics are
described in section 5. In particular, planets at different orbital distances can undergo different evolutions if
one planet lies inward of the habitable zone’s inner edge and thus lacks silicate weathering. Likewise differ-
ent initial climate conditions can cause divergent evolutions if an initially hot climate prevents plate tecton-
ics and kinetically limited weathering, or even weathering at all, from transpiring.

4. Generation of the Magnetic Field and Its Role in Atmospheric Escape

We have described the interactions between the surface environment (atmosphere plus ocean) and the
mantle in sections 2 and 3. In this section, we demonstrate that additional interactions exists between the man-
tle and core, and the geomagnetic field (which is generated by the core dynamo) and atmosphere. The mantle
controls the rate at which the core cools, thereby playing a crucial role in maintaining the energy flow necessary
to drive convection and dynamo action in the core. The geomagnetic field provides a shield that holds the solar
wind far above the surface (presently at about nine Earth-radii) so that most high energy particles are diverted
and prevented from disrupting the near-surface environment. As a result, magnetic fields may limit the atmos-
pheric escape rate under certain conditions. The magnetic field’s influence on escape rate can then have an
important control on long-term climate evolution, opening the possibility for an indirect influence of the core
dynamo on mantle convection, in addition to the direct role mantle convection plays in driving the dynamo.

4.1. Core Dynamo
Earth has maintained an internally generated planetary magnetic field through convective dynamo action
in its core over much of its history [Tarduno et al., 2015]. The presence of a long-lived magnetic field is
another unique feature of our planet, as only Mercury and Ganymede also have active magnetic fields today
among the terrestrial planets and moons of the solar system [Schubert and Soderlund, 2011]. Internally gen-
erated magnetic fields are created by convective dynamo action in a large rotating volume of electrically
conductive liquid. In the terrestrial planets, this typically occurs in an iron core. The most commonly cited
processes for driving dynamo action, and thus the focus of this section, are thermal or compositional con-
vection. However, other driving mechanisms such as gravitational tides [e.g., C�ebron and Hollerbach, 2014]
or precipitation of Mg initially dissolved in the liquid iron [O’Rourke and Stevenson, 2016] are possible.

Thermal convection occurs when the core heat flow, Qcmb, exceeds the heat conducted adiabatically through
the core. Recent estimates place the core’s conductive heat flow at 13–15 TW [Driscoll and Bercovici, 2014;
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Pozzo et al., 2014]. A high core heat flow is also inferred from revisions to the dynamics of mantle plumes,
which are thought to be generated at the core-mantle boundary (CMB) and be indicative of the CMB
heat flow [Bunge, 2005; Zhong, 2006]. Even if the total core heat flow is less than that needed to keep the
core adiabatically well mixed, compositional buoyancy may still be able to drive convection. Composi-
tional convection, which can be driven a number of ways, usually involves a phase change in the liquid
where a density gradient develops or by the dissolution of an incompatible element due to a change in
the solubility. For example, as Earth’s core cools the inner core crystallizes from below, releasing buoyant
light element-rich fluid into the surrounding iron-rich fluid and driving compositional convection. In this
example, core heat flow is still important for driving compositional convection, because core cooling is
necessary for inner core growth.

The heat transferred across the core-mantle boundary, Qcmb, is controlled by the temperature gradient in
the viscous mantle above:

Qcmb5AcmbkLM
DTLM

dLM
; (20)

where Acmb is CMB area, and kLM, DTLM, and dLM are the thermal conductivity, temperature drop, and
thickness of the lower mantle thermal boundary layer. The temperature drop, DTLM5Tcmb2Tm, measures
the thermal disequilibrium between the mantle and core. If the mantle cools efficiently then DTLM is
large, resulting in a high Qcmb. The thermal boundary layer thickness, dLM, can be derived by assuming
the boundary layer Rayleigh number (i.e., qgaDTLMd3

LM=ðklLMÞ, where lLM is the effective viscosity of the
lower mantle boundary layer) is at the critical value for convection. Compositional differences between
the lower mantle and the bulk mantle [e.g., Sleep, 1988] can influence the thickness of dLM; this influence
can be incorporated by modifying lLM [Driscoll and Bercovici, 2014] or the critical Rayleigh number [Ste-
venson et al., 1983]. Calculating dLM from the boundary layer Rayleigh number implies that a hotter man-
tle produces a thinner boundary layer, increasing Qcmb. Therefore, the ratio DTLM=dLM in (20) implies that
the core and mantle will evolve toward thermal equilibrium faster in a hotter mantle and that efficient
mantle cooling leads to efficient core cooling.

However, cooling the core too fast can be detrimental to dynamo action in two ways: (1) rapid cooling can
lead to complete solidification of the core, preventing fluid motion and dynamo action, and (2) rapid cool-
ing can bring the core into thermal equilibrium with the mantle, which will eventually decrease the cooling
rate below the threshold for driving convection. The latter is the eventual fate of every rocky body, but the
longer a planet can avoid thermal equilibrium and maintain moderate cooling, the longer it will generate a
magnetic field.

4.2. Coupling Between Core Dynamo and Tectonic Mode
As the core cooling rate is determined by the mantle, the surface tectonic mode, which determines the
mantle cooling rate, dramatically influences the dynamo. A mobile lid can accommodate a larger surface
heat flow by exposing the mantle’s top thermal boundary layer to the surface, while a stagnant lid inhibits
cooling by insulating the mantle with a thick conductive layer.

To model the cooling and convective power available to drive dynamo action over time, the energy bal-
ance of the core and mantle are solved simultaneously. Volume averaged temperature evolution can be
derived using the secular cooling equation Qi52ciMi _T i , where c is specific heat and i refers to either
mantle (i 5 m) or core (i 5 c) in the mantle and core energy balances [e.g., Driscoll and Bercovici, 2014].
Solving for _T m and _T c in terms of sources and sinks gives the mantle and core thermal evolution
equations,

_T m5
Qcmb1Qrad2Qconv2Qmeltð Þ

Mmcm
; (21)

_T c52
ðQcmb2Qrad;cÞ

Mccc2Aicqic�c
dRic

dTcmb
ðLFe1EGÞ

; (22)

where Qconv is heat conducted through the lithospheric thermal boundary layer by mantle convection (in
W), Qmelt is heat loss by mantle melt eruption, and Qrad and Qrad;c are radiogenic heat production in the
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mantle and core, respectively. Crustal heat sources are excluded because they do not contribute to the
mantle heat budget. The denominator of (22) is the sum of core specific heat and heat released by inner
core growth, where Aic is inner core surface area, qic is inner core density, �c is a constant that relates aver-
age core temperature to CMB temperature, dRic=dTcmb is the rate of inner core growth as a function of CMB
temperature, and LFe and EG are the latent and gravitational energy released at the ICB per unit mass.
Detailed expressions for heat flows and temperature profiles as functions of mantle and core properties are
given in Driscoll and Bercovici [2014] and Driscoll and Barnes [2015].

Heat is lost from the mantle via conduction through the upper mantle thermal boundary layer (Qconv) and
by melt eruption (Qmelt). The rate at which this heat is lost is a complex function of mantle temperature,
material properties, and style of convection. A mobile lid implies that the upper mantle thermal boundary
layer reaches the planetary surface, so that the convective heat loss is controlled by conduction through
this thin boundary layer. Assuming the boundary layer is at the critical Rayleigh number for convection, the
convective heat flow is

Qconv5amm2b
m Tb11

m ; (23)

where mm5lm=q is temperature-dependent mantle kinematic viscosity and am58:431010 W(m2s21K24)1=3

and b51=3 are constants [see Driscoll and Bercovici, 2014, equation 43]. In steady state, a stagnant lid has a
thicker conductive boundary layer, which can be modeled by decreasing am by a factor of �25 [Solomatov,
1995].

Mobile lid convection therefore favors dynamo action because it efficiently cools the mantle and thus
boosts the core heat flow. Stagnant lid convection, on the other hand, can impede core cooling; stagnant
lid convection on Venus is a leading hypothesis for why Venus lacks a magnetic field [Nimmo, 2002]. How-
ever, stagnant lid convection does not always prevent a core dynamo, as thermal history models commonly
show a relatively short period of rapid cooling, regardless of the surface tectonic mode, during which core
cooling rates are high and dynamo action is possible. This period of rapid cooling, or thermal adjustment
period, results from initially hot interior temperatures that are a consequence of planetary accretion. The
thermal adjustment period typically lasts for the first 1–2 Gyr as the internal temperatures and heat flows
adjust to boundary conditions and heat sources. Similar early thermal dynamos have been proposed for the
Moon [Stegman et al., 2003] and Mars [Nimmo and Stevenson, 2000].

Figure 7 shows example thermal histories for Earth and Venus, where the Earth model uses a mobile lid
heat flow scaling while the Venus model uses a stagnant lid scaling [see Driscoll and Bercovici, 2014]. The ini-
tial mid-mantle and CMB temperatures are assumed to be at the silicate liquidus, which is a reasonable
starting temperature following the last large accretion event. Both models experience an initial thermal
adjustment for 1–2 Gyr, but diverge soon after. After the initial adjustment, the Earth model cools

Figure 7. Comparison of the predicted (a) thermal and (b) magnetic histories of Earth (solid) and Venus (dashed). The only difference
between the models is that the Earth model uses a mobile lid heat flow scaling while the Venus model uses a stagnant lid scaling (see
(20)–(23); Driscoll and Bercovici [2014] contains additional details).
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monotonically, maintaining a thermal dynamo and later a thermochemical dynamo after inner core nuclea-
tion around 4 Gyr, which can be seen as a jump in the predicted magnetic moment (Figure 7b). The core of
the Venus model cools slightly during the thermal adjustment period, driving a transient thermal dynamo,
but is slowly heated as the mantle and core heat up due to radiogenic heat trapped beneath the stagnant
lid. In this case, the core is too hot to solidify, precluding a compositional dynamo. These models predict
Venus maintained a magnetic field for about 1.5–4 Gyr [Driscoll and Bercovici, 2014]. During the thermal
adjustment period, the core and mantle are still strongly coupled, but the cooling rate is less sensitive to
the style of mantle convection. Thus, the primary role of plate tectonics is to extend the life of the dynamo
beyond this thermal adjustment period.

In addition to normal convective cooling, volcanic heat loss can potentially extend core cooling beyond the
thermal adjustment period on a stagnant lid planet, provided most of the melt can reach the surface of the
planet and cool [Morgan and Phillips, 1983; Nakagawa and Tackley, 2012; Armann and Tackley, 2012; Driscoll
and Bercovici, 2014]. Obviously, magmatic heat loss was not efficient enough for Venus, Mars, or the Moon
to sustain dynamos, so we are left with the tentative conclusion that a stagnant lid reduces both the long-
term convective and volcanic mantle heat loss.

The role of mantle dynamics in dictating magnetic field strength also indirectly links the core to climate. Cli-
mate influences the tectonic regime of a planet, and the tectonic regime dictates the core cooling rate
through time and thus whether a long-lived magnetic field can be maintained. Therefore, a cool climate,
being favorable for plate tectonics, will also be favorable for long-term magnetic field generation, and hot
climates, to the extent that they lead to stagnant lid convection, will be unfavorable for the dynamo. An
important question is then whether the core can exert any influence on climate through the role the mag-
netic field plays in limiting atmospheric escape. We address this topic next.

4.3. Magnetic Limited Escape
In describing the escape of a planetary atmosphere, it is helpful to think of the limiting escape mechanism
rather than the specific physical escape process, as several escape processes typically occur concurrently
with a single limiting bottleneck. The escape limit is typically characterized as being in either the diffusion
or energy limited regime, with no connection to the presence of a magnetic field. However, it is commonly
argued that magnetic field strength should play an important role in atmospheric escape [Michel, 1971;
Chassefiere, 1997; Lundin et al., 2007; Dehant et al., 2007; Lammer et al., 2012; Owen and Adams, 2014; Brain
et al., 2014]. Below we speculate about how a magnetic field could influence escape.

The hydrodynamic and diffusion limits to escape have been heavily studied [e.g., Hunten, 1973; Watson
et al., 1981; Shizgal and Arkos, 1996; Lammer et al., 2008; Luger and Barnes, 2015]. Both of these escape limits
depend on hydrogen number density. In the diffusion limit, escape is linearly proportional to hydrogen mix-
ing ratio at the tropopause [Hunten, 1973], while hydrodynamic (or energy) limited escape has a weaker
dependence on hydrogen mixing ratio but is expected to occur at much higher H concentrations [Watson
et al., 1981]. Hydrodynamic escape is fundamentally driven by incident energy absorbed at the base of the
escaping region, but a bottleneck occurs as the escape rate grows and the absorbing species are lost,
thereby limiting absorption and the energy available to drive escape. Regardless of their detailed depend-
ences, diffusion and energy limited escape are expected to intersect at some H mixing ratio (therefore
denoting a transition from one mechanism to the other) as depicted in Figure 8.

If a strong planetary magnetic field is present that balances the solar wind far from the top of the
atmosphere, then the density of species exposed to the flow will be limited. In other words, the rate at
which ionized planetary species are swept away by the stellar wind will decrease with increasing mag-
netopause distance and magnetic field strength. This effect adds a third limiting escape regime
between the diffusion and hydrodynamic regimes. Figure 8 illustrates this scenario, where increasing
hydrogen concentration leads to a transition from diffusion to magnetic limited, and then from mag-
netic to hydrodynamic limited escape. Driscoll and Bercovici [2013] propose that the limiting physical
mechanism in the magnetic regime could be the removal of planetary ions from the magnetopause via
Kelvin-Helmholtz instabilities, the occurrence of which are well documented [e.g., Wolff et al., 1980; Bar-
abash et al., 2007; Taylor and Lavraud, 2008]. Mathematically, the magnetically limiting escape rate is
predicted to be a function of hydrogen ion concentration, magnetopause surface area, and instability
time scale, such that stronger magnetic fields expose a lower density of planetary species to the solar

Geochemistry, Geophysics, Geosystems 10.1002/2015GC006210

FOLEY AND DRISCOLL WHOLE PLANET COUPLING 18



wind because their number density
decreases faster than the magneto-
pause surface area [Driscoll and Ber-
covici, 2013]. Weaker (or nonexistent)
planetary magnetic fields will allow
the solar wind to interact with the
‘‘top’’ of the atmosphere (where
escape occurs), potentially pushing
the magnetic limit above the diffu-
sion and hydrodynamic limits, ren-
dering the magnetic limit irrelevant
(Figure 8).

4.4. Extent of Coupling Between
Mantle, Core, and Climate
The magnetic field is therefore most
important for atmospheric evolution
during the transition from hydrody-
namic to diffusion limited escape. A
strong magnetic field could reduce the
escape rate during this transition,
thereby helping to preserve a planet’s
water budget. Without magnetic
shielding, significant water loss could

occur, potentially preventing the silicate weathering feedback from acting to stabilize climate and, in turn,
plate tectonics from operating.

Whether plate tectonics is itself necessary for magnetic shielding during the transition to diffusion limited escape
depends on the timing of this transition (Figure 9). If the transition to the diffusion regime occurs quickly, i.e., fH

decreases rapidly, then it would occur during a planet’s thermal adjustment period, when dynamo action is pos-
sible without plate tectonics (see section 4.2). On the contrary, if the magnetic limited escape regime is occupied

longer than the mantle thermal adjust-
ment period (e.g., fH decreases slowly)
then plate tectonics is probably impor-
tant for preventing significant water loss
through magnetic shielding. Unfortu-
nately, the timing of the transition to dif-
fusion limited escape is not well known,
as fH depends on the details of a planet’s
atmospheric structure. Future work in
this area is needed to determine how
long rocky planets occupy the magnetic
limited escape regime, and the condi-
tions under which plate tectonics is nec-
essary for water retention.

The timing of the transition to diffusion
limited escape is also affected by stellar
wind strength. In particular, magnetic
shielding may be important over a wider
range of stratospheric hydrogen mixing
ratios, and thus over a longer period of
time, for planets exposed to stellar winds
much stronger than those at Earth
today. Strong stellar winds are likely for
planets orbiting active solar mass stars

Figure 8. Schematic diagram of atmospheric limiting escape regimes. Hydrogen
escape rate versus mixing ratio with the diffusive (black), magnetic (blue), and
hydrodynamic (black) regimes. The transition from diffusive to hydrodynamic
escape may be interrupted by magnetically limited escape if the planetary mag-
netic field is strong. See Driscoll and Bercovici [2013] for more details.

Figure 9. Schematic of magnetic field intensity over time. Initially, the dynamo is
maintained by cooling during the thermal adjustment period (solid black) and
tectonic mode is not important. This continues until core cooling begins to slow
and the dynamo will either die without efficient mantle cooling (dashed black) or
stay strong with efficient interior cooling associated with plate tectonics (solid
black). If the timing of this event occurs after the transition from magnetic to dif-
fusion limited escape (Scenario #1, vertical dashed red) then the shielding of the
atmosphere is not dependent on the tectonic mode. If the dynamo divergence
event occurs before the escape transition (Scenario #2, vertical dashed red) then
the shielding of the atmosphere is coupled to the tectonic mode.
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or orbiting close to moderately active small mass stars. In these cases, maintaining a magnetic field may be cru-
cial for preserving liquid surface water over billion year time scales, and such a long-lived dynamo likely requires
plate tectonics. In fact, the magnetic field, climate, and plate tectonics can act as a self-sustaining feedback in
this case, where the magnetic field is required to prevent water loss, water is necessary for silicate weathering to
keep the climate cool enough for plate tectonics, and plate tectonics is required to drive the dynamo.

Our knowledge of how planetary magnetic fields influence atmospheric escape is still in its infancy with
many unanswered questions. In fact, a strong magnetic field may even enhance escape in some instances,
by producing a larger interaction cross section with the solar wind, which can concentrate incident energy
flux by a factor of 10–100 [Brain et al., 2014]. Clearly, a more thorough understanding of how the properties
of the atmosphere, stellar wind, and magnetic field influence escape rates is needed to constrain the cou-
pling between the core dynamo and climate.

5. Whole Planet Coupling and Planetary Evolution

Sections 2–4 together outline whole planet coupling between climate, plate tectonics, and the magnetic
field. In this section, we describe how whole planet coupling can potentially explain the Earth-Venus dichot-
omy, and lead to a number different evolutionary scenarios for rocky exoplanets, many of which would be
unfavorable for life. In particular, we focus on habitable zone planets, showing how events early in a planet’s
history, such as the initial atmospheric composition and the timing of the initiation of plate tectonics, play a
major role in determining whether long-term habitable conditions can develop. A planet’s volatile inventory
is likely important as well. Given our incomplete understanding of plate tectonics, the carbon cycle, the geo-
dynamo, and how they interact, our discussion is mostly qualitative, and only represents some initial
hypotheses for the factors governing planetary evolution.

5.1. The Earth-Venus Dichotomy

Figures 10 and 11 illustrate how we propose that climate, mantle, and the core interact on Earth and Venus.
Venus, being inward of the inner edge of the habitable zone, cannot have liquid water at its surface. As a

Figure 10. Flowchart of climate-tectonic-magnetic coupling for an Earth-like planet. Arrows between reservoirs indicate volatile (blue) and
heat (red) fluxes, their width roughly in proportion to magnitude. Black lines indicate conceptual couplings, such as the influence of mag-
netic field strength on escape rate or chemical weathering on climate.
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result, silicate weathering cannot draw
CO2 out of the atmosphere, so a hot,
CO2-rich climate forms via volcanic
degassing and/or primordial degassing
during accretion and magma ocean
solidification. The hot climate prevents
plate tectonics, and in turn the long-
lived operation of a core dynamo due
to a low core heat flux (Figure 11). For
the Earth, being in the habitable zone
allows liquid water, and in turn silicate
weathering. Thanks to a temperate cli-
mate plate tectonics can operate, and
the resulting high core heat flow
powers the geodynamo (Figure 10).
Jellinek and Jackson [2015] invoke a
similar series of couplings to explain
the Earth-Venus dichotomy, though

they argue that the lack of plate tectonics on Venus is caused by high rates of radiogenic heating in the
mantle, and that Venus’ hot climate stems from the lack of plate tectonics. Their hypothesis contrasts with
our interpretation, that Venus’ orbital position is the key factor explaining its evolution.

If surface-interior coupling is responsible for the divergent evolution of Earth and Venus, the runaway
greenhouse climate, loss of plate tectonics (if it ever existed), and death of the magnetic field should all be
correlated in time. Thus, determining the climate, magnetic, and tectonic history of Venus is a vital test.
Unfortunately, our current knowledge of Venusian history is poor. The trace amount of water in the atmos-
phere requires a minimum of about 500 Myr for the H to escape to space [Donahue, 1999], so the runaway
greenhouse must have occurred by at least � 0:521 Ga, but could have taken place much earlier. In fact,
Venus may have entered a runaway greenhouse and lost its water during formation [Hamano et al., 2013].

The Venusian tectonic and magnetic histories are similarly uncertain. There is evidence for a massive resur-
facing event at 0.5–1 Ga. Surface features related to this event are most consistent with volcanism and lava
flows rather than subduction of old crust and creation of new crust at ridges [Smrekar et al., 2013; Ivanov
and Head, 2013]. The planet may still be volcanically ‘‘active’’ today [Smrekar et al., 2010], but eruptions are
likely sporadic. The style of tectonics before the resurfacing event is unknown, with stagnant lid convection,
episodic overturns, or even Earth-like plate tectonics all possibilities. Unraveling the Venusian magnetic his-
tory is challenging because the preservation and in situ measurement of any remanent magnetization on
Venus’ hot surface is unlikely. However, another possible line of evidence that may imply the presence of a
paleo-Venusian magnetic field would be the loss of H1, He1, and O1 along polar magnetic field lines to the
solar wind, a process known on Earth as the polar wind [Moore and Horwitz, 2007]. This ion escape mecha-
nism relies on the presence of an internally generated magnetic field, and could potentially leave a chemi-
cal fingerprint in the Venusian atmosphere [Brain et al., 2014]. However, our present-day knowledge
provides no evidence for a strong, internally generated magnetic field on Venus. Future exploration of
Venus is needed to place tighter constraints on its evolution.

5.2. Evolution of Rocky Exoplanets
Venus demonstrates one likely evolutionary scenario for planets lying inward of the habitable zone’s inner
edge. However, cooler climates, that still allow plate tectonics and a magnetic field, are also possible for
such planets if they have a significantly smaller CO2 inventory than Venus. In this case, a temperate climate
can still exist, even without liquid water and silicate weathering to regulate atmospheric CO2 levels, simply
because there is not enough CO2 to cause extreme greenhouse warming. In some cases, a planet that expe-
riences a runaway greenhouse could even retain some water at the poles, and potentially remain habitable
[Kodama et al., 2015]. Planets lying beyond the habitable zone’s outer edge will likely be cold, and thus can
plausibly sustain plate tectonics and a magnetic field as well. However, whether complex life can develop
on any of these planets is unclear.

Figure 11. Flowchart of climate-tectonic-magnetic coupling on a Venus-like
planet.
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Likewise, an Earth-like evolution is one
likely scenario for planets lying within
the habitable zone, but a number of
factors could lead to a different evolu-
tion that is unsuitable for life. Hot,
CO2-rich climates are expected after
planet formation due to degassing
during planetesimal accretion and
magma ocean solidification [Abe and
Matsui, 1985; Zahnle et al., 2007; Elkins-
Tanton, 2008]. If a planet’s initial cli-
mate is so hot that liquid water is not
stable (i.e., temperature and pressure
conditions are beyond the critical
point for water), then developing a
temperate climate is probably not pos-
sible. Initial surface temperature and
pressure conditions in excess of the
critical point imply that silicate weath-
ering would not occur, with or without

plate tectonics (though some limited reaction between atmospheric CO2 and the crust is possible). As a
result, the climate would remain extremely hot, preventing both plate tectonics and a core dynamo. How-
ever, a climate hot enough to exceed the water critical point is an extreme case, requiring � 500 bar of CO2

for a planet with an atmosphere composed of CO2 and H2O and receiving the same insolation as the
Hadean Earth [Lebrun et al., 2013]. Earth’s total planetary CO2 budget is estimated at � 1002200 bar, so
even with complete degassing during accretion or magma ocean solidification, liquid water was still stable
[e.g., Sleep and Zahnle, 2001; Zahnle et al., 2007]. Thus, a planet would need a significantly larger total CO2

budget than Earth for initial atmospheric makeup to exceed the liquid water critical point.

Another possibility is a climate where liquid water is stable, but is still too hot for plate tectonics. In this
case, low land fractions or erosion rates can potentially prevent plate tectonics, and a cool climate, from
ever developing. High rates of volcanism would be needed to avoid this fate, by creating a sufficient supply
of fresh rock at the surface for silicate weathering to cool the climate. Finally, even when climate conditions
are amenable to plate tectonics, an uninhabitable state can be reached if plate tectonics does not initiate
before increasing insolation warms the climate to the point where it is no longer possible (Figure 12). Before
plate tectonics initiates on a planet, weathering may be supply limited and the atmosphere CO2 rich. Thus,
surface temperature will increase with increasing luminosity, and can potentially become hot enough to
preclude plate tectonics from ever starting. If plate tectonics does not initiate before this divergence point
is reached, a planet could become permanently stuck with a hot, uninhabitable climate, stagnant lid con-
vection in the mantle, and no protective magnetic field.

Conversely, on a planet where plate tectonics does initiate before reaching this divergence point, continen-
tal growth and orogeny will increase both land area and erosion rates, enhancing the ability of silicate
weathering to establish and maintain a temperate, habitable climate. If a large enough land area forms,
weathering may even be capable of maintaining a temperate climate without plate tectonics to elevate ero-
sion rates. Likewise, plate tectonics means that long-lived dynamo action, and therefore, volatile shielding
from the solar wind is possible. The divergence point involving the initiation of plate tectonics could be par-
ticularly important if high mantle temperatures are a significant impediment to plate tectonics through low
convective stresses or the creation of thick buoyant crust (see section 2.3). Mantle temperature may need to
cool before plate tectonics can begin, even if surface temperatures are not hot enough to preclude plate
motions. However, the increase in luminosity during a star’s main sequence evolution is relatively gradual
(the sun’s luminosity was only � 30% lower at 4.5 Ga [Gough, 1981]), so there is a large time window, on
the order of 1 Gyr, for sufficient mantle cooling to occur before climate becomes too hot for plate tectonics.

Another divergence point involves magnetic shielding and planetary water loss. The magnetic field can
limit H escape, and thus help preserve surface water, when atmospheric escape transitions from being

Figure 12. Schematic diagram of the divergence point in planetary evolution
involving the initiation of plate tectonics. Before plate tectonics, a planet’s weath-
ering rate may be supply limited, such that surface temperature climbs over time
as a result of increasing luminosity. Once plate tectonics initiates, silicate weather-
ing is enhanced by higher erosion rates and continent formation, and climate
cools.
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hydrodynamically limited to diffusion limited (see sections 4.3 and 4.4.) If no magnetic field is available to
shield the solar wind then massive amounts of H may be lost, leaving the planet desiccated and unable to
regulate atmospheric CO2 levels. As discussed in section 4.4, if the transition to diffusion limited escape is
early in a planet’s history, then magnetic shielding is possible regardless of tectonic regime, and many plan-
ets will likely be able to keep their volatiles and possibly develop habitable climates. However, if the transi-
tion occurs after the mantle’s thermal adjustment period, then plate tectonics is likely necessary for
magnetic shielding, and fewer planets will be able to retain surface water.

Additional divergence points are possible later in planetary evolution if climate, tectonics, and the magnetic
field are tightly coupled. For example, if the carbon cycle and plate tectonics act as a self-sustaining feed-
back, where high erosion rates, supplied by plate tectonics, are required to maintain kinetically limited
weathering and thus keep surface temperatures cool enough for plate tectonics (see section 3.3), then the
loss of plate tectonics would lead directly to a hot climate state that likely precludes plate tectonics from
reinitiating. Without plate tectonics to enhance erosion, the inhospitably hot climate that results from
supply limited weathering would likely be permanent. Such tight coupling between plate tectonics and the
carbon cycle is most likely on planets with small exposed land areas or high total CO2 budgets. Another
divergence point is possible for planets orbiting very active solar mass stars or very close to active small
mass stars where stronger stellar winds can more efficiently strip atmospheric volatiles. For these planets,
cessation of the core dynamo could cause significant water loss, in turn halting silicate weathering and, due
to the ensuing hot climate, likely shutting down plate tectonics as well (see Figure 13 for a schematic illus-
tration of the divergence points discussed in this paragraph).

Size is also a major factor in terrestrial planet evolution. Large planets are expected to have wider habitable
zones due to the influence of higher gravity on atmospheric-scale height and the greenhouse effect
[Kopparapu et al., 2014], but also shallower ocean basins and thus less exposed land, unless feedbacks can
regulate ocean volume such that continents are always exposed [Cowan and Abbot, 2014] (see also section
6). The influence of size on plate tectonics and magnetic field generation is also unclear. Previous studies
have found that plate tectonics is more likely on larger planets [Valencia et al., 2007; Valencia and O’Connell,
2009; van Heck and Tackley, 2011; Foley et al., 2012], less likely on larger planets [O’Neill and Lenardic, 2007;
Kite et al., 2009; Stein et al., 2013; Noack and Breuer, 2014; Stamenković and Breuer, 2014; Miyagoshi et al.,
2014; Tachinami et al., 2014], or that size is relatively unimportant [Korenaga, 2010a]. Different studies reach
very different conclusions because of the large uncertainties in the rheological mechanism necessary for
generating plate tectonics, how key features such as internal heating rate scale with size, and how mantle
properties are affected by pressure and temperature. The influence of size on magnetic field strength is like-
wise debatable. Several studies have found a weak dependence of field strength and lifetime on planet and
core size, and possibly a peak in strength for Earth-sized planets [Gaidos et al., 2010; Tachinami et al., 2011;
Driscoll and Olson, 2011; Van Summeren et al., 2013]. Generally, larger dynamo regions are expected to pro-
duce stronger magnetic fields [e.g., Christensen et al., 2009], but variations in more subtle properties, like
mantle and core composition, likely play a fundamental role. The coupling between plate tectonics, climate,

Figure 13. Schematic diagram of possible scenarios where failure of the feedbacks between climate, plate tectonics, and the magnetic
field leads to divergent evolution of terrestrial planets within the habitable zone.
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and the magnetic field is expected to apply to planets of different size, but future work is needed to place
tighter constraints on the influence of size on this coupling and on planetary evolution.

The issue of size highlights the many uncertainties remaining in our knowledge of planetary dynamics and
evolution. Each aspect of planetary dynamics that is important for magnetic, tectonic, and climate evolution
needs to be better understood before more rigorous predictions or interpretations can be made. In particu-
lar, the interactions between different components of the planetary system, specifically interactions among
surface tectonics, mantle convection, and the long-term carbon cycle, between mantle convection and the
core dynamo, and among the magnetic field, atmospheric escape, and climate, deserve significant atten-
tion. With a large number of rocky exoplanets already discovered, many of which are in their respective
habitable zones [Batalha, 2014], and more certain to follow, improving our knowledge of planetary evolu-
tion is an important goal.

6. Future Directions

In addition to furthering our understanding of plate tectonics, magnetic field generation, climate evolution,
and the interactions between these processes, there are a number of new questions and research topics
that must be addressed to advance our knowledge of planetary evolution. We summarize a few of these
important questions below.

1. What are the material properties of Earth-like and non-Earth-like terrestrial planets at high-temperature,
high-pressure conditions? Without tighter constraints on basic properties like density, viscosity, and ther-
mal conductivity models of exoplanet evolution will continue to be highly uncertain. Conducting both
laboratory and numerical experiments at the conditions relevant for Earth and super-Earths is challeng-
ing, but is also vital for determining how terrestrial planets behave. Moreover, the composition of exopla-
nets could differ significantly from Earth, so constraints on the properties of non-Earth-like materials are
necessary for modeling the evolution of these planets as well.

2. What controls the volume of water at a planet’s surface (i.e., the size of the oceans and the amount of subae-
rial land)? Earth has maintained a relatively constant freeboard, or water level relative to the continents,
throughout much of its history [Wise, 1974], despite the fact that there could be multiple oceans worth
of water stored in the mantle [e.g., Ohtani, 2005]. Are there feedbacks in Earth’s deep water cycle acting
to keep a large continental surface area exposed, as proposed by some [Kasting and Holm, 1992; Cowan
and Abbot, 2014]? Given the importance of exposed land to the long-term carbon cycle, this question is
of fundamental importance to planetary evolution.

3. What are typical volatile abundances, in particular water and carbon dioxide, for rocky planets, and how
much of this volatile inventory resides in the atmosphere just after accretion and magma ocean solidifica-
tion? Both volatile inventory and initial atmospheric composition are important for planetary evolution.
Thus, a better understanding of how and when volatiles are delivered during accretion, how much
degassing occurs during accretion and solidification of a possible magma ocean, and how much atmos-
pheric loss occurs during this early phase of planetary history are all necessary for constraining planetary
evolution.

4. Can strong gravitational tides render a planet uninhabitable? Planets experiencing strong gravitational
tides (caused by nearby stars, planets, or satellites) can generate significant internal heating via tidal dis-
sipation, which can cause extreme surface volcanism and hinder dynamo action [Driscoll and Barnes,
2015]. Efficient cooling of the interior could allow the orbits of such planets to circularize faster, minimiz-
ing the length of time spent in a tidally heated regime, and could move the planet in (or out) of the hab-
itable zone. Future work should explore the details of tidal dissipation in the mantle and core, and how
tides can influence long-term evolution.

5. How and when does plate tectonics initiate? Factors other than climate, like mantle temperature, can have
an important control over whether plate tectonics can operate. Thus, even with favorable climate condi-
tions, other process such as mantle cooling may be necessary for Earth-like plate tectonics. Understand-
ing the type of tectonics that might take place on a planet before plate tectonics, how much land and
weatherable rock can be created through nonplate-tectonic volcanism, and the factors that then allow
for Earth-like plate tectonics to develop will all be crucial for determining how likely planets are to follow
an evolutionary trajectory similar to Earth’s.
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Millot, R., J. Gaillardet, B. Dupr�e, and C. J. Allègre (2002), The global control of silicate weathering rates and the coupling with physical ero-

sion: New insights from rivers of the Canadian Shield, Earth Planet. Sci. Lett., 196, 83–98.
Mills, B., A. J. Watson, C. Goldblatt, R. Boyle, and T. M. Lenton (2011), Timing of Neoproterozoic glaciations linked to transport-limited global

weathering, Nat. Geosci., 4, 861–864.
Mills, B., T. M. Lenton, and A. J. Watson (2014), Proterozoic oxygen rise linked to shifting balance between seafloor and terrestrial weather-

ing, Proc. Natl. Acad. Sci. U. S. A., 111, 9073–9078.
Miyagoshi, T., C. Tachinami, M. Kameyama, and M. Ogawa (2014), On the vigor of mantle convection in super-earths, Astrophys. J. Lett., 780,

L8.
Moore, T., and J. Horwitz (2007), Stellar ablation of planetary atmospheres, Rev. Geophys., 45, RG3002, doi:10.1029/2005RG000194.
Moore, W. B., and A. A. G. Webb (2013), Heat-pipe earth, Nature, 501, 501–505.
Morbidelli, A., J. Chambers, J. I. Lunine, J. M. Petit, F. Robert, G. B. Valsecchi, and K. E. Cyr (2000), Source regions and time scales for the

delivery of water to Earth, Meteorit. Planet. Sci., 35, 1309–1320.
Moresi, L., and V. Solomatov (1998), Mantle convection with a brittle lithosphere: Thoughts on the global tectonic style of the Earth and

Venus, Geophys. J. Int., 133, 669–682.
Moresi, L.-N., and V. S. Solomatov (1995), Numerical investigation of 2d convection with extremely large viscosity variations, Phys. Fluids, 7,

2154–2162.
Morgan, P., and R. J. Phillips (1983), Hot spot heat transfer: Its application to Venus and implications to Venus and Earth, J. Geophys. Res.,

88, 8305–8317.
Nakagawa, T., and P. J. Tackley (2012), Influence of magmatism on mantle cooling, surface heat flow and Urey ratio, Earth Planet. Sci. Lett.,

329, 1–10.
Nakajima, S., Y.-Y. Hayashi, and Y. Abe (1992), A study on the ‘runaway greenhouse effect’ with a one-dimensional radiative-convective

equilibrium model, J. Atmos. Sci., 49, 2256–2266.
Nimmo, F. (2002), Why does Venus lack a magnetic field?, Geology, 30, 987–990.
Nimmo, F., and D. J. Stevenson (2000), Influence of early plate tectonics on the thermal evolution and magnetic field of Mars, J. Geophys.

Res., 105, 11,969–11,980.
Noack, L., and D. Breuer (2014), Plate tectonics on rocky exoplanets: Influence of initial conditions and mantle rheology, Planet. Space Sci.,

98, 41–49.
Ogawa, M., G. Schubert, and A. Zebib (1991), Numerical simulations of three-dimensional thermal convection in a fluid with strongly

temperature-dependent viscosity, J. Fluid Mech., 233, 299–328.
Ohtani, E. (2005), Water in the mantle, Elements, 1, 25–30.
Oliva, P., J. Viers, B. Dupr�e, J. P. Fortun�e, F. Martin, J. J. Braun, D. Nahon, and H. Robain (1999), The effect of organic matter on chemical

weathering: Study of a small tropical watershed: Nsimi-Zo�et�el�e site, Cameroon, Geochim. Cosmochim. Acta, 63, 4013–4035.
O’Neill, C., and A. Lenardic (2007), Geological consequences of super-sized Earths, Geophys. Res. Lett., 34, 19,204–19,208.
O’Neill, C., A. M. Jellinek, and A. Lenardic (2007a), Conditions for the onset of plate tectonics on terrestrial planets and moons, Earth Planet.

Sci. Lett., 261, 20–32.
O’Neill, C., A. Lenardic, L. Moresi, T. Torsvik, and C.-T. Lee (2007b), Episodic precambrian subduction, Earth Planet. Sci. Lett., 262, 552–562.
O’Rourke, J. G., and J. Korenaga (2012), Terrestrial planet evolution in the stagnant-lid regime: Size effects and the formation of self-

destabilizing crust, Icarus, 221, 1043–1060.
O’Rourke, J. G., and D. J. Stevenson (2016), Powering Earth’s dynamo with magnesium precipitation from the core, Nature, 529, 387–389.
Owen, J. E., and F. C. Adams (2014), Magnetically controlled mass-loss from extrasolar planets in close orbits, Mon. Not. R. Astron. Soc., 444,

3761–3779.
Oxburgh, E., and E. Parmentier (1977), Compositional and density stratification in oceanic lithosphere-causes and consequences, J. Geol.

Soc., 133, 343–355.
Phillips, R. J., W. M. Kaula, G. E. McGill, and M. C. Malin (1981), Tectonics and evolution of Venus, Science, 212, 879–887.
Portenga, E. W., and P. R. Bierman (2011), Understanding earth’s eroding surface with 10 Be, GSA Today, 21, 4–10.
Pozzo, M., C. Davies, D. Gubbins, and D. Alfè (2014), Thermal and electrical conductivity of solid iron and iron–silicon mixtures at earth’s

core conditions, Earth Planet. Sci. Lett., 393, 159–164.
Raymo, M. E., and W. F. Ruddiman (1992), Tectonic forcing of late Cenozoic climate, Nature, 359, 117–122.
Raymond, S. N., T. Quinn, and J. I. Lunine (2004), Making other earths: Dynamical simulations of terrestrial planet formation and water deliv-

ery, Icarus, 168, 1–17.
Regenauer-Lieb, K., and D. Yuen (2003), Modeling shear zones in geological and planetary sciences: Solid- and fluid- thermal-mechanical

approaches, Earth Sci. Rev., 63, 295–349.
Regenauer-Lieb, K., D. A. Yuen, and J. Branlund (2001), The initiation of subduction: Criticality by addition of water?, Science, 294, 578–581.
Rice, J. R. (1992), Fault stress states, pore pressure distributions, and the weakness of the san Andreas fault, in Fault Mechanics and Trans-

port Properties in Rocks, vol. 51, edited by B. Evans and T.-F. Wong, pp. 475–503, Academic, San Diego, Calif.
Richards, M., W.-S. Yang, J. Baumgardner, and H.-P. Bunge (2001), Role of a low-viscosity zone in stabilizing plate tectonics: Implications for

comparative terrestrial planetology, Geochem. Geophys. Geosyst., 2(8), 1026, doi:10.1029/2000GC000115.
Richter, F. M., H.-C. Nataf, and S. F. Daly (1983), Heat transfer and horizontally averaged temperature of convection with large viscosity var-

iations, J. Fluid Mech., 129, 173–192.
Ridgwell, A., and R. E. Zeebe (2005), The role of the global carbonate cycle in the regulation and evolution of the Earth system, Earth Planet.

Sci. Lett., 234, 299–315.
Riebe, C. S., J. W. Kirchner, and R. C. Finkel (2004), Erosional and climatic effects on long-term chemical weathering rates in granitic land-

scapes spanning diverse climate regimes, Earth Planet. Sci. Lett., 224, 547–562.
Rolf, T., and P. J. Tackley (2011), Focussing of stress by continents in 3D spherical mantle convection with self-consistent plate tectonics,

Geophys. Res. Lett., 38, L18301, doi:10.1029/2011GL048677.
Rudnick, R. L. (1995), Making continental crust, Nature, 378, 571–578.
Schubert, G., and K. Soderlund (2011), Planetary magnetic fields: Observations and models, Phys. Earth Planet. Inter., 187, 92–108.

Geochemistry, Geophysics, Geosystems 10.1002/2015GC006210

FOLEY AND DRISCOLL WHOLE PLANET COUPLING 28

http://dx.doi.org/10.1029/2005RG000194
http://dx.doi.org/10.1029/2000GC000115
http://dx.doi.org/10.1029/2011GL048677


Shizgal, B., and G. Arkos (1996), Nonthermal escape of the atmospheres of Venus, Earth, and Mars, Rev. Geophys., 34, 483–505.
Sibson, R. (1977), Fault rocks and fault mechanisms, J. Geol. Soc., 133, 191–213.
Skemer, P., J. M. Warren, and P. B. Kelemen (2010), Microstructural and rheological evolution of a mantle shear zone, J. Petrol., 51, 43–53.
Sleep, N. H. (1988), Gradual entrainment of a chemical layer at the base of the mantle by overlying convection, Geophys. J. Int., 95,

437–447.
Sleep, N. H., and M. L. Blanpied (1992), Creep, compaction and the weak rheology of major faults, Nature, 359, 687–692.
Sleep, N. H., and K. Zahnle (2001), Carbon dioxide cycling and implications for climate on ancient Earth, J. Geophys. Res., 106, 1373–1400.
Sleep, N. H., K. Zahnle, and P. S. Neuhoff (2001), Initiation of clement surface conditions on the earliest Earth, Proc. Natl. Acad. Sci. U. S. A.,

98, 3666–3672.
Sleep, N. H., K. J. Zahnle, and R. E. Lupu (2014), Terrestrial aftermath of the Moon-forming impact, Philos. Trans. R. Soc. A, 372, 20130172–

20130172.
Smithies, R. H., M. J. Van Kranendonk, and D. C. Champion (2005), It started with a plume - early Archaean basaltic proto-continental crust,

Earth Planet. Sci. Lett., 238, 284–297.
Smrekar, S. E., E. R. Stofan, N. Mueller, A. Treiman, L. Elkins-Tanton, J. Helbert, G. Piccioni, and P. Drossart (2010), Recent hotspot volcanism

on Venus from virtis emissivity data, Science, 328, 605–608.
Smrekar, S. E., L. Elkins-Tanton, J. J. Leitner, A. Lenardic, S. Mackwell, L. Moresi, C. Sotin, and E. R. Stofan (2013), Tectonic and thermal evolu-

tion of Venus and the role of volatiles: Implications for understanding the terrestrial planets, in Exploring Venus as a Terrestrial Planet,
pp. 45–71, AGU, Washington, D. C.

Solomatov, V. (1995), Scaling of temperature- and stress-dependent viscosity convection, Phys. Fluids, 7, 266–274.
Solomatov, V. S. (2004), Initiation of subduction by small-scale convection, J. Geophys. Res., 109, B01412, doi:10.1029/2003JB002628.
Solomatov, V. S., and L.-N. Moresi (1996), Stagnant lid convection on Venus, J. Geophys. Res., 101, 4737–4754.
Solomatov, V. S., and L.-N. Moresi (1997), Three regimes of mantle convection with non-Newtonian viscosity and stagnant lid convection

on the terrestrial planets, Geophys. Res. Lett., 24, 1907–1910.
Solomon, S. C., S. E. Smrekar, D. L. Bindschadler, R. E. Grimm, W. M. Kaula, G. E. McGill, R. J. Phillips, R. S. Saunders, G. Schubert, and

S. W. Squyres (1992), Venus tectonics—An overview of Magellan observations, J. Geophys. Res., 97, 13,199–13,255.
Spohn, T., M. H. Acu~na, D. Breuer, M. Golombek, R. Greeley, A. Halliday, E. Hauber, R. Jaumann, and F. Sohl (2001), Geophysical constraints

on the evolution of Mars, Space Sci. Rev., 96, 231–262.
Stallard, R. F., and J. M. Edmond (1983), Geochemistry of the Amazon: 2. The influence of geology and weathering environment on the dis-

solved load, J. Geophys. Res., 88, 9671–9688.
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